We use the apparent change in mantle structure beneath the Sierra Nevada since ca. 10 Ma, which suggests convective removal of eclogite-rich mantle lithosphere, and scaling laws developed for Rayleigh-Taylor instability to place constraints on the average viscosity coefficient of the mantle lithosphere. By treating the lithosphere as a non-Newtonian fluid obeying power-law creep with an exponent of n = 3.5, we may compare the inferred values of viscosity coefficient with those obtained from laboratory experiments on olivine and eclogite. The values that we obtain overlap those predicted by laboratory-based flow laws for the range of geotherms implied by heat flux measurements within the Sierra Nevada and by metamorphic geothermometry and geobarometry of xenoliths in volcanic rock erupted in the Sierra Nevada at ca. 10 Ma. Thus, this comparison offers support for laboratory-derived flow laws, and specifically for the high stress limit suggested by . Conversely, this agreement shows that the high strength of cold mantle minerals does not prohibit its removal by convective instability.
I N T RO D U C T I O N
Much of our knowledge of the rheological structure of the earth derives either from laboratory measurements carried out at pressures and temperatures similar to those within the earth, or from inferences of viscosity from post-Pleistocene rebound of lithosphere in Canada and Northern Europe. Inferences of the laboratory, however, derive from deformation occurring at strain rates much greater (ca. 10 8 to 10 10 times) than those commonly occurring in the Earth either by steady convection or by tectonic processes in active regions. Correspondingly, strains associated with post-Pleistocene rebound (a few per cent) are much smaller than those associated with convection or tectonics, which can reach hundreds of per cent. Nature provides rare opportunities to use other observations to test such inferences of viscosity, especially at low temperature where stresses must be large to cause measurable deformation. presented one such test using the flexure of oceanic lithosphere at subduction zones as a constraint on the flow laws of olivine that they and their colleagues had developed. Rather than modelling the lithosphere and showing a fit of the flexed shape based on the laboratory-based flow laws, they asked a different question: what temperature profile would yield such a fit? Their inference of a geotherm consistent with that based on a cooling lithosphere confirmed the validity of the flow laws. Yet, because stress near the neutral axis of the plate is small, and this region is cold, they could not satisfactorily test inferred strength envelope at high stress.
We offer a test of the average viscosity of the mantle lithosphere for a continental region, the Sierra Nevada of California. Several arguments suggest that mantle lithosphere has been removed rapidly in late Cenozoic time. Both theory and numerical experiment provide scaling laws that can be used to relate the timing of such a process for different boundary conditions and initial conditions. The least constrained parameter in the scaling laws is the average viscosity of the lithosphere, and hence we may obtain a range of estimates for that viscosity, which in turn may be compared with those inferred from the laboratory.
Geological history, geochemical composition of volcanic rock, and geophysical constraints on the deep structure of the Sierra Nevada
Recent studies of the Sierra Nevada indicate that a large amount of material from the (seismologically defined) mantle lithosphere has been removed since ca. 10 Ma and appears to be descending deeper into the mantle under parts of the western foothills and Great Valley (Fig. 1) . The examination of xenoliths contained in Miocene and younger basalt provided initial indications of this event (Ducea & Saleeby 1996 . Xenoliths contained in basalt that erupted before ca. 8 Ma and derived from between 40 and 100 km depth (1.0-3.3 GPa) comprise largely eclogite and garnet pyroxenite that are geochemically related to the Mesozoic Sierran batholith in the overlying crust (Ducea & Saleeby 1998; Lee et al. 2001) . Although the eclogite might represent altered crustal material, February 10, 2004 20:4 Geophysical Journal International gji2138 556 P. Molnar and C. H. Jones Ducea & Saleeby (1996 and Farmer et al. (2002) are in orange. The western edge of extensional tectonism at 5 Ma and about 3 Ma (Jones et al. 2003) and the north-south extent of stratal tilting on the east side of the Great Valley (hatching) illustrates the north-south extent of region affected by convective removal of Sierran lithosphere.
because of its high density [3.6-3.7 × 10 3 kg m −3 (Ducea & Saleeby 1998) ] and associated negative buoyancy, we treat it as mantle. Spinel peridotite, however, dominates younger xenoliths erupted mainly since ca. 1 Ma from the same depths. The transition from eclogite xenoliths to spinel peridotite xenoliths reflects wholesale removal of 40-50 km or more of material that underlay the Sierran crust. Potassic basalt erupted at 3.5 Ma apparently is a product of this event (Farmer et al. 2002) . Although mantle xenoliths from these basalts are present only in a small area, their lack of garnetbearing assemblages is consistent with removal of the eclogite by this time (Ducea & Saleeby 1998) . Moreover, that eclogitic material lay immediately below the crust, and for it to be removed, the deeper parts of the mantle lithosphere must also have been swept away in the same process.
Re-examination of the geological history of the Sierra and its surroundings suggests that removal of the eclogitic material led to increased mean elevations of the High Sierra and thinning of the adjacent crust (Jones et al. 2003) . Tilting of sediment on the western edge of the Sierra constrains the temporal evolution of the vertical movement; Unruh (1991) found tilted beds to be older than 3.2-8 Myr and preferred an age of ca. 5 Myr for the tilting. Thinning all along the east flank of the Sierra initiated no earlier than ca. 3.5 Ma (Jones et al. 2003) .
From these constraints we infer that removal of the eclogite was not significantly underway until after 10 Ma, before which volcanism sampled eclogite from a layer some 50 km thick, and was largely completed by 3 Ma. If the modern Sierra uniformly overlay 50 km of eclogite, approximately 2-4 × 10 6 km 3 of eclogite has been removed. This material could contribute to two large seismic anomalies in the upper mantle: the Isabella anomaly (ca. 3 × 10 6 km 3 ) adjacent to the southern Sierra and the Redding anomaly (ca. 5 × 10 6 km 3 ) adjacent to the northern Sierra (Fig. 1 ). Anomalously high P wave speeds extend to depths of about 250-300 km or more in both regions (e.g. Benz & Zandt 1993; Jones et al. 1994) , and azimuthal anisotropy appears to be small in both regions (Özalaybey & Savage 1995; Jones & Phinney 1999) as might be expected for such flow. Before the recognition of much of the evidence noted above, Zandt & Carrigan (1993) had, in fact, suggested that this high-speed material marked the locus of down welling associated with convective removal of Great Valley lithosphere.
Thermal and density structure of the lithosphere at ca. 10 Ma
Because temperature is thought to control the viscosity or strength of rock in the mantle, an important constraint on the physical process that removed the mantle lithosphere under the Sierra is its thermal structure when removal began. Two observations directly bear on the sub-Moho temperature at ca. 10 Ma: modern surface heat flux, and geothermometry of the xenoliths from 10 Ma.
The Sierra more than about 40 km west from the range crest has long been recognized for its exceptionally low reduced heat flux of 17.5 ± 1.4 mW m −2 (e.g. Saltus & Lachenbruch 1991) . Measured surface heat flux ranges from ca. 18 to 60 mW m −2 . If this represented a steady state, then the temperature at 35 km depth would be 255-355
• C (530-630 K) for the observed ranges of surface heat flux and heat production (e.g. Lachenbruch & Sass 1977) . Because of the time for thermal transients to diffuse through conductive crust, surface heat flow observations would not change significantly (>20 per cent) until some 2-3.5 Myr after a change in the thermal structure at 35 km depth or 4-7 Myr after a change at 50 km depth (Saltus & Lachenbruch 1991) .
Quite independent is a temperature estimate derived from Ducea & Saleeby's (1996 geothermometry of the garnet-rich xenoliths themselves. Although direct temporal bounds on the garnet geothermometry are unavailable, Ducea & Saleeby (1998) offered thermodynamic arguments that the deepest garnets recorded the youngest temperatures. These xenoliths record temperatures of only 925
• C at 130 km depth from sometime in the Cenozoic prior to 10 Ma. Presumably 925
• C is an upper bound on the temperature at 10 Ma, because substantial reheating would be expected to have produced a metamorphic overprint. Core to rim geothermometry on garnet samples also indicates cooling of them at depths below about 60 km (Lee et al. 2001) . Again allowing for the range of heat production observed at the surface, a steady-state geotherm through this point makes the temperature at 35 km depth about 250-350
• C. Extrapolating the corresponding geotherm to 1350-1400
• C yields a depth of 190-200 km, corresponding to a thickness of mantle lithosphere of ca. 160 km. Eclogite with an excess density of 200-250 kg m −3 in the upper ca. 50-60 km of this column (Ducea & Saleeby 1998) would make the average density of the lithosphere approximately 150 kg m −3 greater than that of asthenospheric material at the same pressure. In addition, mantle lithosphere colder than asthenosphere by an average of 500
• C should be denser by an additional 50 kg m −3 . In what follows, we will assume an average density difference of 200 kg m −3 between mantle lithosphere and asthenosphere at the same pressure.
R AY L E I G H -TAY L O R I N S TA B I L I T Y
Rapid removal of mantle lithosphere, with or without an eclogitic layer of crust attached to it, occurs because the mantle lithosphere sensu lato is denser than the underlying hotter asthenosphere when at the same pressure. Thus, mantle lithosphere is inherently unstable, and in principle such an instability should grow with time. Two processes, however, act to stabilize mantle lithosphere. First, diffusion of heat, both vertically and laterally, can erase sufficiently small perturbations to the density structure more rapidly than they can grow. Second, a non-linear relationship between deviatoric stress and strain rate, which makes the effective viscosity dependent on the strain rate, can retard growth until strain rates grow large enough to reduce the viscosity sufficiently. Non-linear viscosity may be a factor contributing to the longevity of shields and stable platforms, where strain rates remain small enough to maintain a high effective viscosity, and diffusion of heat can erase thermal perturbations to the density structure (e.g. Conrad & Molnar 1999; Houseman & Molnar 2001) . Once perturbations are sufficiently large, however, growth is rapid, and it makes sense to treat the unstable process as a Rayleigh-Taylor instability, for which diffusion of heat is too slow to be important.
In what follows we use theoretical and experimentally confirmed relationships for idealized boundary conditions and density and viscosity structures that relate growth rates, and more importantly times for instabilities to grow to large amplitudes, to the relevant physical parameters. We consider two boundary conditions on the upper surface of the unstable layer: no-slip, as if mantle lithosphere were rigidly attached to crust that does not deform, and stress-free, to allow for rapid shear near the Moho. Surely in real lithosphere, the crust behaves neither rigidly nor without strength, but specifying a non-zero shear stress at the top of the unstable layer requires guesses that are difficult to justify. Analytic solutions by Canright & Morris 20:4 Geophysical Journal International gji2138 558 P. Molnar and C. H. Jones (1993) for a thin viscous sheet of constant density and underlain by a less dense, inviscid substratum allow us to consider a stress-free boundary between the unstable mantle lithosphere sensu lato and the overlying less dense crust. An analytical approximation for flow beneath a rigid top boundary (Houseman & Molnar 1997 ) addresses the case of no slip between mantle lithosphere and the overlying crust. For the latter, additional numerical experiments allow consideration of more complex density and viscosity structures (Jull & Kelemen 2001; Molnar et al. 1998) . Numerical experiments on convective instability (Conrad & Molnar 1999) , which include diffusion of heat, confirm the scaling law used by Houseman & Molnar (1997) .
Although we consider flow obeying Newtonian viscosity, we concentrate on deformation by non-Newtonian flow, for which the constitutive relation between deviatoric stress, τ ij , and strain rate, e ij , can be written as:
B is a temperature-dependent (and pressure-dependent) viscosity coefficient, and E 2 = (1/2) i, j e i j e i j is the second invariant of the strain-rate tensor, e ij . For Newtonian viscosity, n = 1, and B = 2η, where η is dynamic viscosity. To compare solutions for different conditions most easily, we render distances dimensionless by dividing by lithospheric thickness, L, and times, t, by:
Here, ρ is the density difference between the unstable layer (lithosphere) and the substratum (asthenosphere), and g is gravity.
Newtonian viscosity
Canright & Morris (1993) derived solutions for the growth, or thinning, of a layer of constant physical properties and with no shear stress on its top or bottom for a range of initial conditions. For instance, for a layer of Newtonian viscosity with the thickness of the layer perturbed by an amount L 0 over a finite distance in one horizontal dimension (Fig. 2a) , but infinite in the other (2-D flow), they obtained for the time dependence of that perturbation:
(The divisor of 4 for t compensates for a difference in the nondimensionalization of time.) For small values of L , growth is exponential (Fig. 3) , as is well known from linearized analysis of stability (e.g. Chandrasekhar 1961 ). For a positive L 0 , corresponding to a thickened layer, the thickness of the layer where it was initially perturbed eventually blows up at a time given by (1 + L 0 ) tanh (t /) = 1. Thus, we may write for t b ( L 0 ), the dimensionless time that must elapse for the initial perturbation L 0 to blow up:
If we know the duration of growth from initial perturbation to descent of the unstable blob to infinite depth, t b (ca. 7 Myr for the Sierra Nevada), (2) and (4) give the estimate of the viscosity as a function of the magnitude of the initial perturbation:
Substitution of t b = 7 Myr, with ρ = 200 kg m −3 , g = 9.8 m s −2 , and L = 160 km, yields for L 0 = 0.01, 0.1, or 1, η = 3.3, Figure 2 . Cross sections of the structures considered by Canright & Morris (1993) and Houseman & Molnar (1997) . In all, the upper layer is denser than the lower layer by ρ. The lower layer is inviscid, and a viscosity of η or a viscosity coefficient B for non-linear viscosity characterizes the upper layer. In (a), the thickness of a thin viscous sheet is perturbed an amount L 0 (Canright & Morris 1993) . In (b), a harmonic perturbation of wavelength λ is introduced with a peak-to-peak amplitude of L 0 ; because of symmetry, Houseman & Molnar (1997) considered only a half-wavelength, the area in the dashed box. In (c), a semi-infinite layer of thickness L is juxtaposed against an inviscid region less dense than the layer by ρ (Canright & Morris 1993). 5.7, and 15.8 × 10 21 Pa s, respectively. Note that these are relatively small values of viscosity, in the sense that they are comparable to the average for the entire mantle. We present these merely to illustrate the approach, but because the lithosphere surely deforms by nonlinear viscosity, we focus discussion on it. Zandt & Carrigan (1993) used the inference of convective instability to infer a value for viscosity within the asthenosphere, assuming that viscosity determined the rate of descent of any instability. In contrast, we assume that because the asthenospheric viscosity is much smaller than that of the lithosphere, we may assume that lithospheric viscosity limits the rate and timing of descent of cold material, so that its average value is what we estimate.
Non-Newtonian viscosity (power-law creep)
For a layer undergoing non-Newtonian creep, as in (1), with n = 3, Canright & Morris (1993) derived an elapsed time for a perturbation 20:4 Geophysical Journal International gji2138
Test of laboratory measurements of viscosity at low temperature 559 Figure 3 . Temporal growth of a perturbation to the thickness of a dense layer with Newtonian viscosity overlying a less dense, inviscid fluid with stress-free top and bottom boundaries, calculated from (2), derived by Canright & Morris (1993) . Note that for small perturbations, growth is exponential, but accelerates as perturbations exceed ca. 100 per cent ( L = 1).
to blow up:
By comparison, Houseman & Molnar (1997) considered a sheet with no horizontal movement at its top surface and found that the elapsed time for blow up is:
Here C is an empirically determined constant that is ca. 0.76 for a layer of constant density, appropriate for n = 3 (and using the definition of E given above, which is half that used by Houseman & Molnar, 1997) , and L 0 is the peak-to-peak amplitude of a harmonic perturbation (Fig. 2b) . As the first term in (6) dominates that solution when L is small, it is clear that (6) has the same dependence on L as (7) for n = 3. The coefficient for the first term of (6), however, is much smaller than that of (7): this reflects the slower process of growth of a layer rigidly attached to its top surface, than when that surface is free of stress (Fig. 4) . In addition, we can numerically integrate Canright & Morris's (1993) eq. (B3) for non-integer values of n, such as n = 3.5, to obtain appropriate values of t b ( L 0 ) (Fig. 4) , and compare that solution with (7) for n = 3.5 and the corresponding value of C = 0.9 (again adjusted for the definition of E given above). As for (5), we obtain a simple expression for B as a function of the relevant physical parameters (Fig. 5, Table 1 )
Canright & Morris (1993) considered another possible initial condition that may be more appropriate for convective removal of Sierra Nevadan lithosphere than those underlying the equations above: the abrupt creation of a free edge to a semi-infinite layer of constant thickness next to material with the properties of the underlying (inviscid, low density) fluid (Fig. 2c) . They obtained the remarkably simple result that the dimensionless time for the heavier layer of dimensionless thickness, L = 1, to sink to infinite depth, t b , is:
Thus, the expression equivalent to (5) or (8) becomes:
For n = 3.5, with ρ = 200 kg m −3 , g = 9.8 m s −2 , L = 160 km, and t b = 7 Myr, (10) yields B = 5.6 × 10 12 Pa s 1/3.5 . Notice that this value is comparable to those inferred by applying the geological constraints to the growth rate for an infinite layer with a large initial perturbation (ca. 50 per cent) of its layer thickness (Table 1 ; Fig. 5 ).
Effect of errors in assumptions
Before discussing any possible significance of these quantities, let us ask how the various simplifying assumptions might render these estimates of viscosity coefficient wrong (Table 2 ). For example, the assumption of no shear stress on the top or bottom of the mantle lithosphere is slightly extreme. To bound the influence of the top condition, we can use the solutions for B with a no-slip top boundary and a large initial perturbation L 0 = 80 km ( L 0 = 0.5) or L 0 = 160 km ( L 0 = 1). Eqs (7) and (8) yield for n = 3.5, B = 0.8 × 10 12 Pa s 1/3.5 or B = 1.315 × 10 12 Pa s 1/3.5 , respectively. These are ca. 7 to 4 times smaller than those given by (10), a factor that bounds the combination of other uncertainties discussed below. For a rigid top boundary, these yield an upper bound to the average viscosity coefficient: for a smaller initial perturbation will require a smaller average viscosity and removal of the layer in the same elapsed time.
A finite viscosity of the asthenosphere will retard growth of an unstable mantle lithosphere. Molnar et al. (1998) examined its effect for cases where the viscosity coefficient decreased exponentially across the layer to a constant value equal to that at the bottom of the layer. Inclusion of a viscous substratum leads to a decrease in values of C in (7) by about 20 per cent, and hence would yield comparably smaller inferred values of B than for an inviscid asthenosphere. We presume that a similar correction would apply to Canright and Morris's (1993) solution.
The calculations discussed above assume that the density anomaly in the lithosphere is constant throughout, but if it decreases from a maximum at the top of the mantle lithosphere to zero at the bottom, growth is slower, at least for a rigid top boundary condition. Houseman & Molnar (1997) found values of C for a linearly decreasing density anomaly across the layer (but for the same total mass anomaly in the layer) in (7) to be ca. 20-30 per cent smaller than those for constant density. Such a decrease leads to a comparably smaller inferred viscosity coefficient B.
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Figure 4. Elapsed times for a perturbation to the thickness L 0 to grow to infinite amplitude, for dense layers with non-Newtonian viscosity (for n = 3 and n = 3.5) overlying a less dense, inviscid fluid with both stressfree and rigid top boundaries. Curves are calculated from (6) and (7) and by integrating Canright & Morris's (1993) eq. (B3) for n = 3.5. Also shown is Canright & Morris's (1993) value for a discontinuous layer, given by (9), for n = 3.5. We have used the elapsed time for the layer to sink to infinite depth, but the seismological evidence suggests that it may have sunk only to ca. 300-400 km, corresponding to L = 250-350 km ( L ≈ 2). From (7), the correction to
n−1 ). Thus, the values of t b used to infer B should be reduced by only 18 per cent. By virtue of the power of 1/n in (8), the estimated value of B should be augmented by the negligibly small factor of ca. 1.05.
Finally, the inferred viscosity coefficient scales with the assumed value of ρ. Thus, less eclogite, for instance corresponding to a mean density anomaly of ρ = 150 kg m −3 , yields a proportionally greater inferred viscosity coefficient. Similarly, suppose that we underestimated the dimensional time for the blob to sink, and t b = 14 Myr. From the scaling of time, this decreases the estimated value of B by a factor of the 3.5 root of 2, and hence by only 30 per cent.
These arguments suggest that the average value of B for the Sierran lithosphere is not likely to differ by as much as a factor of 2 from the values given in Section 2.3. Given the difference of a factor of ca. 7 in estimates for a free top and a rigid top, let's simply assume that the appropriate values of B for = 3.5 span that range: 0.80 ≤ B ≤ 5.6 × 10 12 Pa s 1/3.5 .
D I S C U S S I O N

Laboratory-based flow laws
We compare these estimates of B with those from laboratory measurements. Ignoring the pressure dependence of creep strength, we may convert standard experimentally determined power-law relationships between stress and strain rate for olivine (e.g. Karato & Wu 1993 ) and eclogite (Jin et al. 2001 ) to:
Here: A and n are experimentally determined parameters; H a is the activation enthalpy; T is temperature in Kelvins; R is the universal gas constant; and the roots of 2 and 3 result from a conversion of imposed strain fields in the laboratory to those for a general form of geometry (see Appendix in Molnar et al. 1998) . In a reanalysis of laboratory experiments carried out by many workers, Hirth & Kohlstedt (1996 showed that for olivine both saturated with hydrogen (dubbed 'wet' because abundant oxygen atoms allow the small amounts of hydrogen to be expressed as weight-per cents of H 2 O) and with very small amounts of hydrogen ('dry'), the values of n differed insignificantly. The major difference in creep properties between them could be expressed by values of A that differ by nearly two orders of magnitude (Fig. 6) . Laboratory measurements made with olivine under high stress and low temperature suggest that B deviates from (11) at 20:4 Geophysical Journal International gji2138 Figure 6 . Values of B vs. T inferred from laboratory measurements of olivine and eclogite and formulae given by (11), as well as the value of B HighStress (T , E) calculated from (12) for three representative strain rates. For 'wet' olivine (red line) n = 3, H a = 420 kJ mole −1 , and A = 1.9 × 10 3 MPa −3 s −1 , for 'dry' olivine (blue line) n = 3.5, H a = 540 kJ mole −1 , and A = 2.4 × 10 5 MPa −3.5 s −1 (Hirth & Kohlstedt 1996 , and for eclogite (green line) n = 3.4 H a = 480 kJ mole −1 , and A = 2.0 × 10 3 MPa −3.4 s −1 (Jin et al. 2001) . For the high-stress flow law of , we use σ 0 = 8.5 × 10 9 Pa, H a = 525 kJ mole −1 , and ε 0 = 5.7 × 10 11 s −1 from Goetze (1978) .
temperatures less than ca. 1000 K and becomes nearly independent of temperature when colder Goetze 1978) . Following the derivation of (11) in the appendix in Molnar et al. (1998) , we derive in Appendix A an equivalent value of B for the creep law appropriate for high stress used by : We show values obtained both by ignoring the high stress form of and by averaging it for three representative strain rates with values of B for power-law creep, using (13). Dashed lines surrounding the curve for a strain rate of 10 −15 s −1 . show crude estimates of uncertainty of a factor of 2 in B eff . Horizontal lines show the bounds on B eff inferred for the Sierra Nevada, and vertical lines show the range of inferred temperatures at the Moho from heat flux and metamorphic geothermometry. This figure shows that the values predicted by laboratory measurements lie within those inferred for the Sierra Nevada, particularly if a high strain rate appropriate for rapid removal of Sierran lithosphere is considered.
which we plot in Fig. 6 . In (12), σ 0 , H a , and ε 0 are experimentally determined constants. Because deformation is likely to occur by the mechanism that allows more rapid strain (at any given stress), let us weight B(T ) in (11) and B HighStress (T , E) in (12) inversely to obtain an effective value of B:
Here we use the same formula B HighStress (T , E) for all of 'wet' and 'dry' olivine and eclogite, for such measurements have not been carried out for all separately.
Implications of inferred viscosity coefficients
For a sensible value of E (10 −15 s −1 ), we may integrate B eff (T , E) in (13) over depth from the temperature at the Moho to 1600 K to obtain an estimate of the average value of B for the mantle lithosphere as a function of the temperature at the Moho (Fig. 7) . Averaging B in this way is sensible if strain rates at all depths are similar, as explicitly assumed by Canright & Morris (1993) for an unstable thin viscous sheet. In this integration, we assume a constant temperature gradient across the mantle lithosphere. A comparison with the ranges of values of B given above suggests temperatures at the Moho of ca. 500-750 K (225-475
• C) for 'wet' olivine, ca. 530-820 K (245-545
• C) for eclogite, or ca. 610-830 K (335-555
• C) for dry olivine (Fig. 7) . (We are unaware of any study of the effect of hydrogen on the strength of eclogite). Note that ignoring the highstress relation of would require much higher temperatures to achieve the same values of B.
These inferred temperatures at the Moho beneath the Sierra Nevada overlap those estimated from heat flux and geothermometry • C or 530-630 K). They might seem to favour flow laws appropriate for 'wet' olivine, but uncertainties of several types, including those in measured values of A, n and H a , allow wider ranges of possible Moho temperatures. Moreover, the low inferred temperatures at the Moho, where flow does not obey a strict power-law relationship with strain rate with n = 3.5, compromises the application of Rayleigh-Taylor instability assuming the corresponding non-linear viscosity. In addition, an application of (12) to material as cold as 600
• C, where brittle deformation is likely (e.g. Chen & Molnar 1983; Wiens & Stein 1983) , surely makes the estimates of average values of B no more than approximate. This comparison of simple scaling laws for Rayleigh-Taylor instability and laboratorybased estimates of rheological parameters, nevertheless, suggests that the latter pass a low-temperature test imposed by the rapid removal of mantle lithosphere from beneath the Sierra Nevada.
Implications for magnitudes of deviatoric stress within continental lithosphere
The estimates of B can be used to estimate likely values of deviatoric stress within deforming continental lithosphere. A geologically reasonable strain rate for large-scale continental deformation is e = 10 −15 s −1 , corresponding to 100 per cent strain in 30 Myr or strike slip at 20 mm yr −1 over a zone 300 km wide. For pure shear, corresponding to compression at e = 10 −15 s −1 in one orientation and its negative in an orthogonal orientation, E = 10 −15 s −1 , and the maximum deviatoric stress becomes τ = Be 1/n . For 0.80 ≤ B ≤ 5.6 × 10 12 Pa s 1/3.5 , 40 ≤ τ ≤ 290 MPa. The lower bound matches that inferred for regions of thinned lithosphere, like Tibet (e.g. England & Molnar 1997; Flesch et al. 2001) , and the higher end concurs with the ca. 10 Ma Sierran mantle lithosphere being stronger than that beneath Tibet.
Triggers for removal of Sierran lithosphere
The analysis above also suggests a possible means for initiating convective removal of the Sierran lithosphere. Prior to about 15 Ma there were no master normal faults dipping under the Sierra from the Basin and Range. Those in the north closest to the Sierra dipped to the east away from the Sierra (e.g. Dilles & Gans 1995; Proffett 1977; Stockli et al. 2002) . About 17 Ma, extension initiated in the Lake Mead region on west-dipping faults that could have extended under the Sierra (Beard 1996; Duebendorfer et al. 1998) . These faults progressively cut higher into the hangingwall as extension evolved and within the last few million years reached into the lower crust of the Sierra Nevada (Jones & Phinney 1998; Wernicke 1992) . Slip on these faults requires strain within the mantle downdip from them. As slip increased and these shear systems became better integrated, the region presumably grew weaker. This in turn could have changed the boundary condition for the top of the eclogitic material from being fixed to the upper plate towards the free top boundary condition. Such a change would make a previously stable perturbation become unstable (Fig. 5) . For instance, a thickness variation L 0 = 0.5 with a lid with a log(B) of 12.5 (B in Pa s 1/3.5 ) could be fairly stable if the top of the lid was fixed to the overlying crust, but this same lithosphere might be unstable if its top becomes free (Fig. 5) .
Alternatively, removing a slab subducting under the Sierra could plausibly trigger convective removal of the overlying mantle lithosphere (e.g. Zandt & Carrigan 1993) . The Farallon/Gorda slab was removed from south to north along most of the Sierra between ca. 20 Ma and ca. 5 Ma, depending upon the assumed motion of the Sierra Nevada relative to North America (Atwater & Stock 1998) . It is possible that the sub-Sierra lithosphere was always unstable with a no-slip top boundary condition, but dynamics associated with subduction prevented the material from being removed. At present we cannot fully test the idea that such subduction could have delayed removal, but as the slab was removed from south to north, it should have produced a decided south-to-north progression of tilting and associated extension. This is contrary to the absence of any southward progression of either tilting of sediments at the edge of the Great Valley (Unruh 1991) or the appearance of extension at the edge of the modern Sierra (Jones et al. 2003) . We also discount a significant effect from the change in the deeper thermal structure (creation of a 'slab window') because of the lack of a higher temperature overprint on the garnets in the ca. 10 Ma xenoliths (Ducea & Saleeby 1996; Ducea & Saleeby 1998 ).
C O N C L U S I O N S
Several geological arguments imply that the mantle lithosphere beneath the Sierra Nevada changed from being eclogite-rich at roughly 10 Ma to devoid of eclogite by 3 Ma (e.g. Ducea & Saleeby 1996; Ducea & Saleeby 1998; Lee et al. 2000; Lee et al. 2001) . Seismological studies of the upper mantle reveal the presence of high-speed zones west of the Sierra and hence suggest that at least some, if not all, of that material has been transported westward into downwelling plumes (Benz & Zandt 1993; Jones et al. 1994) . Finally, tilting of the Sierra upward to the east is consistent with the removal of a heavy load, as is required by a thick layer of eclogite, and replacement by lighter material beneath the Sierra (Jones et al. 2003) .
We assume that mantle lithosphere was removed in the ca. 7 Myr period between ca. 10 Ma and 3 Ma by growth of Rayleigh-Taylorlike instability. Using scaling laws for that growth and its duration for various boundary conditions and initial conditions (Canright & Morris 1993; Houseman & Molnar 1997) , we estimate the average viscosity coefficient of the lithosphere, assuming that nonNewtonian viscosity of the form in eq. (1) with n = 3.5 (Fig. 7) .
A comparison of this range of average values of Sierran lithospheric viscosity coefficient with that obtained by integrating experimentally determined flow laws over the geotherm appropriate for mantle lithosphere, allows us to estimate the temperature of the Moho for different hypothesized mineralogical composition. Uncertainties in both the estimated viscosity coefficient for the Sierra and the laboratory-based flow laws do not permit us to discriminate among proposed mineralogical composition, but the agreement does imply that the laboratory-based flow laws are not grossly wrong, and in fact quite reliable. This deduction would be totally false if we ignored the inference by that at low temperature and high stress, the creep strength becomes nearly independent of temperature. This deduction, however, also depends on our use of scaling laws that are based on a power-law dependence of strain rate on stress, whereas in high-strength regime, strain rate depends more weakly on stress. In any case, the agreement between inferred viscosity coefficients for mantle lithosphere derived using scaling laws for Rayleigh-Taylor instability and those from laboratory measurements, offers tentative support for the contention that olivine is much weaker than that calculated by extrapolating power-law relationships to temperatures below ca.700
• C. Finally, the agreement of inferred ranges of viscosity coefficient between those measured in the laboratory and that inferred here for the Sierra Nevada implies that the high viscosity of even cold mantle lithosphere need not prevent its convective removal.
